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A Modeling Study of the Effects of Baroclinicity on the Structure of the 
Interacting Atmospheric and Oceanic Boundary Layers 
LE NGOC LY AND EUGENE S. TAKLE 
Agronomy and Earth Sciences Departments, Iowa State University, Ames 
The effects of baroclinicity on the air and ocean boundary layers under conditions for strong dynam- 
ical (compared to thermodynamic) forcing are studied by use of a numerical model of air-sea interaction, 
which consists of a closed system of equations including equations of motion, turbulent kinetic energy, 
turbulent exchange coefficient, local turbulent length scale, and assumptions of fixed stratification and 
baro½linicity in both the atmosphere and ocean. Baro½linicity is incorporated into the equations of 
motion by specifying horizontal gradients of air temperature in the atmosphere and seawater density in 
the ocean. Experiments were conducted todetermine the effects of different magnitudes and directions of 
baroclinicity and of atmospheric stratification on the dynamical and turbulent structure of the inter- 
acting boundary layers. The results of the simulations demonstrate hat certain levels of baroclinicity 
produce double maxima in the K profiles in the atmosphere and ocean. Baro½linic effects change the 
dominant components of the turbulent kinetic energy in both air and sea boundary layers from shear 
production and dissipation for dimensionless heights and depths of less than 0.1 (about 20% of the 
height or depth of the boundary layer at zero surface heat flux) to shear production and buoyant 
destruction for dimensionless heights and depths greater than 0.1. The results show that the most 
significant effects of baroclinicity in the air and sea boundary layers are the increases in turbulent 
exchange coefficient, turbulent kinetic energy budget, shear stresses, and dimensionless wind and wind- 
induced current in the regions of the boundary layers far from the interface. The results of the simula- 
tions also show that for fixed stratification and baroclinicity, surface quantities (e.g., friction velocity, 
drag coefficient, and geostrophic drag coefficient) are affected more by surface heat flux than by barodin- 
icity, whereas the opposite is true for characteristics of the whole boundary layer (e.g., boundary layer 
height and angle between the geostrophic wind and surface stress). Our results how good agreement 
with the few observations that have been taken where baroclinicity has been reported. 
1. INTRODUCTION 
A more complete knowledge of air-sea interaction is neces- 
sary for advancing our understanding of phenomena ranging 
from small-scale turbulence in both the atmospheric and 
oceanic boundary layers to global-scale weather and climate. 
The ocean is a global-scale reservoir of heat and moisture 
whose temperature changes locally only very slowly compared 
with the diurnal cycle, thereby allowing for examination by 
use of stationary models. The ocean and atmosphere are dy- 
namically and thermodynamically coupled through turbulent 
exchange processes at the interface. 
Most of the recent studies of the interaction between the 
atmospheric and oceanic boundary layers are limited to exam- 
ination of their behavior under barotropic conditions [Ly, 
1986; Tarnopolski and Shnaydrnan, 1984; Yeh, 1973, 1974; 
Laikhtrnan, 1970]. However, horizontal gradients of air tem- 
perature and seawater density always are present in their re- 
spective boundary layers. Early studies [Vorobyev, 1969; Wip- 
permann and Yordanov, 1972; Voltsinger et al., 1973; Arya and 
Wyngaard, 1975] and more recent reports [Russell and Takle, 
1985a, b; Stubley and Rooney, 1986] have suggested a signifi- 
cant role of baroclinicity, but these results are only for the 
atmosphere and do not consider the coupled boundary layers. 
In this paper we examine, by use of a numerical model, the 
effects of horizontal temperature gradients on properties of the 
atmospheric and oceanic boundary layers for conditions of 
strong dynamical (as compared with thermodynamic) forcing. 
The main objective of the model is to determine the effects of 
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the primary flow on the air-sea interaction processes, o the 
effects of secondary flows (e.g., horizontal rolls as discussed by 
Brown and Liu [-1982] and Brown [-1981]) are not included in 
the model. Baroclinic conditions commonly exist in both 
media, so we examined how baroclinicity in one medium af- 
fects its own properties as well as properties of the other 
medium. The specific properties we studied include the turbu- 
lence kinetic energy, the turbulence exchange coefficient, 
boundary layer depth, angular difference between the surface 
wind and the geostrophic wind, friction velocity, drag coef- 
ficient, roughness height, and shear stress. Few measurements 
exist for comparison with model-derived results, but where 
available, observations are compared with our calculations. 
2. GOVERNING EQUATIONS AND BOUNDARY 
CONDITIONS 
The present work uses the well-known equations of motion 
for planetary boundary layers of the atmosphere and ocean. 
Governing equations for the model include equations of 
motion, turbulent kinetic energy equations, turbulent ex- 
change coefficient equations, equations for atmospheric and 
oceanic stratification, and equations for baroclinicity in both 
media. Such a system of equations can be written in the same 
form for the atmospheric and oceanic boundary layers [Ly, 
1986]. The steady state momentum equations for a horizon- 
tally homogeneous boundary layers (i = 1 for the atmosphere 
and i = 2 for the ocean)can be written as 
d Ki du i 1 c•pi dz•. •z• + fv,- (1) p• Ox 
dv i 1 d Ki --fui- (2) dz--•. •z i piOy 
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The z i axis is taken to be perpendicular to the interface, with 
the positive direction being up for the atmosphere and down 
for the ocean. The fluid velocity components are ui and/)i with 
the x axis in the direction of the surface wind. The Coriolis 
parameter is denoted by f, and the pressure is pi. These equa- 
tions are applied to both the atmosphere and ocean by use of 
the appropriate density p• and turbulent exchange coefficient 
K•. The turbulent exchange coefficients are determined from 
the turbulence kinetic energy E i and a length scale l• by the 
Prandtl-Kolmogorov hypothesis [Zilitinke/)ich, 1970], 
Ki = liEi TM (3) 
If we represent the length scale by the relationship 
d kc TM 
(E,/K,) = --• (E,/K,) (4) dzi I i 
then a combination of (3) and (4) can be integrated to give 
(Koi ;zi d2i• Ki = Ei •,E i + kcl/a' oiEil/2j (5) 
where c=0.046 [Monin and Yaglom, 1971], k is von 
Karman's constant (taken as 0.4), Zo• is the roughness length 
for the boundary layers, and Ko• and Eoi are the turbulent 
exchange coefficient and turbulence kinetic energy, respec- 
tively, at Zoi. A steady state budget equation for E i is given by 
LLdz,J + Ldz,y So, • J + % • Ki •ZiJ = C Ki (6) 
where the first two terms on the left-hand side represent shear 
production, and the third represents buoyant production due 
to vertical gradients of temperature in the atmosphere (where 
Son and S a represent he mean and local values of potential 
temperature 0a) or of density in the ocean (where So2 and S 2 
represent the mean and local values of water density, P2). The 
fourth term on the left side is the diffusion of E i at rate •eKi, 
where •e is a constant (•e = 0.73). The right-hand side is the 
widely used parameterization ofdissipation of Ei [Laikhtrnan, 
1970], with c being the same constant as in (4). We have 
assumed that the Prandtl number is unity for both ocean and 
atmosphere. The direct influence of the surface wind waves at 
the air-sea interface is expressed through the roughness (Zo) of 
the wave-roughened sea surface. For steady and horizontally 
homogeneous conditions, the characteristics of the air-sea 
interface, including the roughness length Zoa , could be as- 
sumed functions of u, a, g, pa, and P2. By using the method of 
dimensional analysis, one can get Charnock's formula 
[Charnock, 1955] for the roughness length of the air-sea inter- 
face: 
u,• p• 
Zo• - a (7) 
where u,• is the friction velocity of the corresponding bound- 
ary layer. We have taken the factor a, which may be a func- 
tion of the ratio of boundary layer densities, to be an empiri- 
cal constant equal to 0.05 [e.g., Roll, 1965; Kitaigorodski, 
19733. 
Baroclinicity is introduced into the governing equations by 
letting terms on the right-hand sides of (1) and (2) be 
1 •Pi__ 1 •Poi fzZ' l c3Si PiaX fiOi aX + g oi • • dzi (8) 
1 •Pi_ 1 •Poi fz ' 1 •S i P ic3y P Oi c•y +g O••Oi  dzi (9) 
where Po• and Poi are the basic state density and pressure 
(which is assumed to have no baroclinicity), and S• represents 
potential temperature in the atmosphere and density in the 
ocean. 
By defining the vertical fluxes of horizontal momentum as 
dui dv i
•i : Ki •z i O'i =Ki dz'•. (10) 
we write (1) and (2) as 
where 
d2rli O' i 
•z i• + f •ii = ,• ix (11) 
d2o'i r h 
dzi 2 --f• = '•o, (12) 
2i x g {•S i 2iy = g {•S i 
-Soi 2x So i •y (13) 
are the baroclinic parameters in the x and y directions, respec- 
tively, for either atmosphere or ocean as determined by the 
use of either 0• and P2 for S v 
Equation (6) is then 
•i2 -•- 0'i2 I dEi• K ••. - Ki g dSi Ei2 d So i 2 i c + o• e K i Ki z i -•zij =0 (14) 
The boundary conditions coupling the two boundary layers 
are expressed through continuity of the velocity and momen- 
tum fluxes at the air-sea interface [Yeh, 1974]: 
Ul(Z1) Izox •' U2(Z2)Iz02 /)I(Z1) Izox = V2(z2)lzo2 (15) 
du, I du21 
(16) 
8/) 1 
Kip• z• = -- K2P2 dz-• zo: 
The analysis of turbulent kinetic energy for either boundary 
layer near the interface shows that the shear production and 
dissipation are the main components in the turbulent kinetic 
energy budget. From this observation, we establish the bound- 
ary condition on turbulent kinetic energy to be 
Ei(zi)l zo, = c- 1/2u,i2 (17) 
where c is a dimensionless constant (c = 0.046) after Monin 
and Yaglorn [1971]. 
At the boundaries away from the interface, both the wind 
and the wind-induced current tend toward constants and the 
momentum flux and turbulent kinetic energy tend toward 
zero: 
Zi• 2ov i 
ui(zi) lz•,--• Ugi /)i(zi)lz•, --• /)gi (18) 
I I K i•z iz•i--• 0 K i• z•i• 0 Ei(2i) Iz•i• 0 (19) 
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Fig. 1. Typical seawater density distribution in the ocean. 
Our objective is to focus on the effects baroclinicity produces 
on the air-sea boundary layer dynamics when dynamical 
rather than thermodynamic forcing prevails, so we specify the 
vertical profiles of air temperature and seawater density to be 
commonly observed functions of z i. The steady state vertical 
gradient of air temperature is specified as [Ly, 1986] (see 
Laikhtman [ 1970] for more detail) 
dO, _ Qo, - (7a - 7) (20) 
dzx poxct, ku. xzx 
where Pox is the basic state air density, cv is the specific heat 
for air at constant pressure, u.x is the friction velocity for the 
atmosphere, 7a is the dry adiabatic lapse rate, and 7 is the 
actual lapse rate in the upper part of the atmospheric bound- 
ary layer. Q0x is the vertical heat flux at the interface. The first 
term on the right-hand side of (20) represents the temperature 
gradient in the surface layer' the second represents he gradi- 
ent in the upper part of boundary layer. For large z x the 
contribution from the first term diminishes so that the temper- 
ature gradient approaches a constant value of yv = 6øC km-x 
for the free atmosphere. 
For the ocean boundary layer the vertical distribution of 
seawater density is specified by the following formulas [Ly, 
1981] (see Figure 1)' 
dP2 _ .•p26(22 -- 2c )q- (F 1 -- ['2)0'(22 -- c) q- F 2 (21) 
dz 2 
where 6 is the Dirac delta function and 
rr(z 2- Zc) = 0 0_< 22 _< z c 
O'(Z 2 -- Zc)--- 1 Z 2 •' Z c 
is the Heaviside function. • is a characteristic magnitude of 
the jump in seawater density, z c is the depth of the seawater 
density jump layer, and F x and F 2 are the vertical gradients of 
seawater density in the water layers lying below and above zc. 
All parameters .•, z•, F x, and Y'2 are "external" to the model 
and are defined from observational data of the vertical density 
distribution. 
The seawater density jump layer in physical oceanography 
is understood to be a layer located at depth z• from tens to 
hundreds of meters, which is the lower bound of the upper 
ocean quasi-homogeneous layer formed by processes originat- 
ing at the surface such as the damping of surface waves, turbu- 
lent transfer from the atmosphere, shear of the drift current 
velocity, and convection of seawater caused by density differ- 
ences due to surface cooling or salinity increases arising from 
evaporation. The largest vertical gradient of seawater density 
is defined as the density jump layer. The vertical profile of 
density develops almost a discontinuity at z•. The seawater 
temperature gradient in this layer quite often is observed to be 
a few degrees Celsius per meter [Kamenkovich and Monin, 
1978]. 
Boundary conditions (16) and (19) can be written in terms of 
the vertical fluxes at the air-sea interface and at the bound- 
aries away from the interface' 
Zi'•} Zoi 
Zi'•} Z oc i
rl,(z,) 1,0,-• %,2 a,(z,) 1,0,--} 0 (22) 
Ei(zi) Izoi'•'} 0 (23) 
Boundary conditions (22) show that the vertical fluxes of 
momentum are continuous across the air-sea interface. 
Boundary conditions (23) show that the turbulent fluxes of 
momentum and turbulent kinetic energy tend to diminish to 
zero at the boundaries away from the interface. We calculate 
heights of air-sea boundary layers in dimensionless form (Hni) 
as follows: 
(?]ni 2 q- rrni2) I z,,i= 1-I,,i = t; 
where subscript n indicates that the variable is in dimension- 
less form. We have taken e = 10 -3 in our calculations. Al- 
though we have chosen to use a small value of stress to deter- 
mine the boundary layer height, comparable results would be 
generated if we had used the level at which Eni diminished to e 
or the level at which Eni diminished to some small fraction of 
the surface value. The effect of waves at the interface is studied 
in more detail in Ly's work [Ly, 1986]. The equations are cast 
in dimensionless form and are solved by the procedure de- 
scribed by Ly [1986]. 
3. RESULTS 
To our knowledge, there have been no major field programs 
to study the effects of baroclinicity on boundary layer struc- 
ture and dynamics for the coupled atmospheric-oceanic 
system. However, for the barotropic state, several reports are 
available for comparing our model with observations and 
other numerical results. In Figure 2 are plotted results of sev- 
eral measurements of u. x as a function of the wind speed at 10 
m above the ocean. The values calculated by use of the model 
herein described and given by the curve labeled 2 compare 
very well with the measurements over the entire range of wind 
speeds. The knee of the curve probably results from differences 
in the way momentum is transferred for moderate versus 
strong winds. Subsequent calculations for the ocean and itera- 
tive application of the interfacial boundary conditions given a 
dynamic coupling that is physically consistent but not very 
transparent o simple analysis. This needs to be studied in 
more detail, since the observations also suggest a kink near 
these conditions. 
The dependence of surface roughness on friction velocity 
under barotropic conditions, as reported by several re- 
searchers, is shown in Figure 3. The lack of agreement of the 
curves in Figure 3 is a result of different authors having differ- 
ent views on the concept of z0x and its dependence on stratifi- 
cation and sea state. Our result, labeled as line 6, is closest to 
the result of Deacon and Webb [1962] and suggests a much 
weaker dependence ofz0x on u.x than most authors contend. 
The sensitivity of z0x to stability is given in Figure 4 for the 
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Fig. 2. Dependence of the friction velocity u,• on the 10-m wind 
speed, U xo. Numbers near the circles indicate the sample size. The 
vertical lines give the standard deviations from the mean value for 
u,x. Two dots are given for large samples. Standard deviations corre- 
sponding to the latter case are marked by horizontal marks on the 
vertical ines. Curve 1 is from Myers [1959] and Kuznetsov [1970] 
[after Kitaigorodski, 1973]. Curve 2 is our model for the barotropic 
case. 
barotropic state. Figure 4 shows the increase of roughness 
length Zo• with increasing eostrophic wind and instability in 
the atmosphere (Zox is related to the drag coefficient [Ca = 
(u,1/Ulo) 2] by CD=[k/ln(zio/Zox)] 2, where k is Von 
Karman's constant and Z•o is 10-m height over the air-sea 
interface). Stability is parameterized by the dimensionless ur- 
face heat flux, which is given by 
g k2Qoi 
00• poict, f u, x 2 
where g is the acceleration of gravity (9.8 m s-2) and 0o• is the 
basic state temperature (298øK). A # value of -100 corre- 
sponds to a surface heat flux of about 500 W m -2. From 
Figure 4 we can see that our results quantitatively agree with 
model results of Brown and Liu [1982] on z o and C a. 
Some additional features of the barotropic boundary layers 
in the ocean and atmosphere, as determined by the model for 
various degrees of atmospheric thermal stratification, are 
given in Table 1. In this table and in the following analysis, a 
subscript "1" refers to the atmosphere and "2" refers to the 
0 10 20 30 40 50 60 70 
U.• (cm/s) 
Fig. 3. Dependence of the roughness parameter z o on the friction 
velocity u,•, according to [after Kitaigorodski, 1973] Francis [1953] 
(curve 1) Neumann [1956] (curve 2), Deacon and Webb [1962] (curve 
3), Goptarev [1957] (curve 4), and Kuznetsov [1963] (curve 5) and our 
model for the barotropic case (curve 6). 
1.0 
". =-1oo 
".=o 
10_• ..=1oo 
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5 10 15 20 
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Fig. 4. Roughness parameter zo as a function of geostrophic wind 
Ug• at different surface heat flux conditions # in the barotropic ase. 
ocean. We have taken the latitude qb to be 45øN and the 
dimensionless urface heat flux # to be zero. The dimension- 
less stratification in the upper part of the atmospheric bound- 
ary layer is given by the parameter 
g k '• 
00 l f2 (7a-- 7) 
Therefore v = 0 is the adiabatic condition, and v = 777 is iso- 
thermal. The turbulent exchange coefficients given in the table 
are normalized by (ku,•)2/ffor the atmospheric and (ku,2)2/f 
for the ocean, and the boundary layer heights H i and vertical 
coordinates li ted in the table are normalized by (ku, O/f for 
the atmosphere and (ku,2)/ffor the ocean. 
For near-neutral stratification, both boundary layers have 
essentially the same normalized depths and profiles of turbu- 
lent exchange coefficients. In the atmosphere, increased strati- 
fication decreases both K• and H•, as expected. However, it is 
noteworthy that the normalized height of the maximum K• 
value decreases from ¬ H,• to • H,• over the range of stratifi- 
cation imposed. Evidently, stratification quenches the turbu- 
lence produced by shear at successively ower levels as the 
stratification is increased, thereby forcing the maximum in K• 
to retreat to the higher-shear region nearer the surface where 
shear production of turbulence kinetic energy remains suf- 
ficient to exceed the increased quenching by negative buoy- 
ancy. 
We have summarized in Table 2 the model-derived values 
of several variables for several different baroclinic conditions 
for comparison with the barotropic values. A geostrophic 
wind of magnitude 15 m s-•, a lapse rate of 3.5øC km- • 
(v = 500), and a latitude of 45øN were employed in deriving 
these results. It was assumed there was no surface heating 
(# = 0). This represents a stable boundary layer under over- 
cast skies with moderate to strong winds, a commonly oc- 
curring situation. In the table are listed values of atmospheric 
roughness length Zox, the wind speed observed 10 m above the 
ocean (Uxo), the ocean surface drift velocity Uo2, the drift 
coefficient C.• (C.• = Uo2/Uox), the drag coefficient Cz, the 
atmospheric boundary layer height H•, geostrophic drag coef- 
ficient Z (Z = u,•/kUgx), the atmospheric diffusion coefficient 
Kx at a height of 1% of H•, the angular difference between the 
geostrophic and surface wind (-cz•, where 0• > 0 is a backing 
wind), the marine boundary layer depth H 2, the diffusion coef- 
ficient for the ocean (K2) at a depth of 1% of H2, and the 
friction velocity in the atmospheric boundary layer (u,•). 
The magnitude of baroclinicity is given by the dimension- 
less parameter ;L•, where for the atmosphere, 
k 2 k 2 g 630 1 g 6301 
';Lzx--f2 0o z 63x ,;L•y =f2 0o z 63y (24) 
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TABLE 1. Maximum Values of Normalized Turbulent Exchange Coefficient, Normalized Vertical Coordinate of This Maximum 
Value, and Normalized Boundary Layer Depth for the Atmosphere and Ocean for •b = 45 ø, Zero Surface Heat Flux and 
Various Values of Atmospheric Stratification 
Value 
Atmospheric Odeanic 
Parameter v= 100 v= 300 v= 500 v= 700 v= 1000 v= 1500 v= 2000 v= 2500 v= 3000 Parameter Value 
Knl (max) 0.056 0.037 0.030 0.025 0.022 0.019 0.016 0.015 0.014 Kn2 (max) 0.048 
Znl (Knl (max)) 0.126 0.079 0.063 0.063 0.050 0.040 0.040 0.032 0.032 Zn2 (Kn2 (max)) 0.126 
Hnl 0.501 0.398 0.398 0.316 0.316 0.316 0.251 0.251 0.251 Hn2 0.501 
are the x and y values of dimensionless baroclinicity, with 0o• 
as the reference temperature of the atmospheric boundary 
layer. For reference purposes, 2• = --5 corresponds to a hori- 
zontal temperature gradient of about -0.2øC/100 km at lati- 
tude 45 ø. The magnitudes of 2• and 22 were chosen in the 
numerical experiments to be the same as or very close to the 
baroclinic parameters used by other authors to facilitate com- 
parison of results [see Tarnopolski and Shnaydman, 1977; Wip- 
perman and Yordanov, 1972; Vorobyev, 1969]. For the ocean 
the components of the dimensionless baroclinicity are given by 
k 2 •/ t3p2 k 2 •/ t3p2 
22,, = f2 Po2 c3x 22• = f2 Po2 c3y (25) 
where P02 is the reference density of the oceanic boundary 
layer. A 22 value of -5 for the ocean corresponds to a hori- 
zontal density gradient of -3.11 kg m-3/100 km at 45 ø lati- 
tude. The baroclinicity values of -5 and -10 that were im- 
posed for this study are moderate values that are frequently 
exceeded by both the atmosphere and ocean. It also is note- 
worthy that because •i is proportional to f-2, even small 
values of the horizontal air temperature gradients and hori- 
zontal seawater density gradients can produce large values of 
)•i at low latitudes: a given horizontal gradient produces a 9• 
value 17 times larger at 10 ø than at 45 ø. 
From Table 2 it can be seen that the magnitude and direc- 
tion of the baroclinicity have significant effects on the re- 
sulting boundary layer parameters. If the baroclinicity is 
parallel (but of opposite direction) to the surface wind (9•,, = 
-5),only H•, K•, and -ct• are significantly affected. The 
introduction of a y gradient of atmospheric temperature (given 
by )•y---5) in addition to a comparable value in the x 
direction increases nearly all parameters tabulated, with a 
32% increase in the atmospheric boundary layer height being 
the most notable. 
The deepening of the boundary layer and increase in the 
turbulent exchange coefficient both result from increases in the 
vertical shear of wind speed arising from the baroclinicity. 
This increase in turbulence will tend to distribute momentum 
more uniformly throughout the mixed layer and suppress the 
development of secondary flows such as rolls. The direction of 
the baroclinicity, as well as the speed, influences the vertical 
shear of wind speed and consequently all characteristics of the 
atmospheric boundary layer. From Table 2 it can be seen that 
the introduction of baroclinicity on the x direction decreases 
Zox, U•0, Uo2, and C A from the barotropic state, but adding a 
comparable baroclinicity in the y direction increases all of 
these characteristics to levels exceeding their barotropic 
values. Doubling the atmospheric baroclinicity increases the 
departures from the barotropic state, although these depar- 
tures (most notably the atmospheric turbulence exchange coef- 
ficient) are obviously not linear functions of baroclinicity. The 
largest effect atmospheric baroclinicity produced on the ocean 
parameters was a 10% deepening of the oceanic boundary 
layer for baroclinicity of - 10 in both directions. 
Ocean baroclinicity has little effect on atmospheric vari- 
ables but significantly increases the boundary layer depth and 
turbulence exchange coefficient in the ocean. There is a 
suggestion that the direction of baroclinicity has more effect in 
the ocean than in the atmosphere. The introduction of moder- 
ate ocean baroclinicity in the x direction deepens the ocean 
boundary layer by 38%, but adding a comparable y direction 
baroclinicity deepens the boundary layer by an additional 
176%. The turbulence exchange coefficient likewise is in- 
creased much more by adding y direction baroclinicity: x 
baroclinicity increases K 2 by 26%, and y baroclinicity further 
increases K 2 by 191%. We note, however, that some of these 
results are dependent on our assumed stratification; we will 
address this dependence in a subsequent paper. A doubling of 
the baroclinicity in the ocean from --5 to --10 has less influ- 
ence on these parameters than a comparable doubling in the 
atmosphere has on H• and K•. 
3.1. Baroclinic Atmosphere, 
Barotropic Ocean 
The effects of baroclinicity and atmospheric stability on fric- 
tion velocity for various values of geostrophic wind are shown 
in Figure 5. Baroclinicity is observed to increase the friction 
velocity whether the surface heat flux is positive, negative, or 
zero, and surface heating has more influence on u,• than sur- 
face cooling. Similar statements can be made about the drag 
coefficient shown in Figure 6 and the geostrophic drag coef- 
ficient shown in Figure 7. According to Figures 6 and 7, baro- 
clinic effects are most pronounced under unstable conditions 
and high wind speeds. Figure 6 shows that surface stability in 
the atmosphere reduces the drag coefficient C a . Our results on 
the dependence of the drag coefficient C a on atmospheric sta- 
bility and wind velocity agree with model results of Brown 
[1986] and Brown and Liu [1982]. 
Figure 8 provides more detail on our previous assertion 
that for fixed stratification and strong dynamical forcing, at- 
mospheric baroclinicity has a significant effect on the height of 
the atmospheric boundary layer, and in Figure 9 the decrease 
in angle between the geostrophic wind and the surface wind is 
shown to be only weakly dependent on wind speed but very 
sensitive to the level of both baroclinicity and stability, partic- 
ularly under conditions of surface heating. Figures 7 and 9 
show that stability reduces the geostrophic drag coefficient Z 
and increases the angle -ct• between the geostrophic and 
surface winds. These model results quantitatively agree with 
model results of Businger [1985] for Z and Brown and Liu, 
[1982] for --ct•. Secondary flows, such as rolls, which are not 
considered here, may influence -ct• [see Brown and Liu, 1982] 
by reducing its magnitude by a few percent; the shape of the 
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Fig. 5. Dependence of the friction velocity u,• on the geostrophic 
wind Ug• in the barotropic and baroclinic (2•x = - 10, 2•y = - 10, 
•2x = 0, '•2y = 0) cases at the various urface heat flux conditions, #.
profile of the mean wind speeds of the primary flow would not 
be significantly changed, however. 
Figures 7 and 9 also show that barodinicity increases the 
geostrophic drag coefficient Z and decreases the angle between 
the geostrophic wind and surface wind (-•). This is to be 
expected because an increase in the velocity gradient produces 
an increase in the shear stress, po•K•dU•/dz•, which in turn 
leads to an increase in the downward transfer of mean kinetic 
energy. This results in a stronger vertical coupling of the low- 
level wind to the upper level wind, which reduces -• in the 
same way as does unstable stratification [Laikhtman, 1970]. 
In Figure 10 are plotted results of the calculation of the 
normalized turbulent exchange coefficient as a function of 
height for the atmosphere for the barotropic atmosphere and 
four different values of baroclinicity. The normalization factor 
of (ku, i)2/fand ku,•/fwere used to render K1 and zl, respec- 
tively, into dimensionless form. Estimates of K,• have been 
reported from measurements at Scilly Island and Leipzig, as 
analyzed by Lettau [1950, 1957]. The model results show 
good agreement with Leipzig and Scilly Island data and with 
the model results of Wipperrnan and Yordanov [1972]. The 
most significant effect of baroclinicity is the increase in K,• in 
3.0 
2.5 - 
• 2.0- 
o 
C3 1.5- 
ß - 1.0- 
0.5. 
0 
////) •=-100 
Barøtrøpic / j•//•,.• •'Baroclinic 
•*- •=0 
•J } p. =100 
I I I I 
5 10 15 20 
Geostrophic Wind, Ug• (m/s) 
Fig. 6. Drag coefficient C D as a function of the geostrophic wind 
Ug• for barotropic and baroclinic (•x=-5, •y=-5, •x=0, 
•2y = 0) cases at the different #. 
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Fig. 7. Dependence of the geostrophic drag coefficient Z on geo- 
strophic wind Ug• in the barotropic and baroclinic (A•x = -5, A•y = 
- 5, 2•, = 0, ;!.•y = 0) cases at various tt. 
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Fig. 9. Dependence of the angle • between Ug• and the surface 
shear stress on U• in the barotropic and baroclinic (•x -- -5, •y -- 
- 5, 9-2•, = 0, ;!.2• = 0) cases atvarious tt. 
the upper 90% of the boundary layer. The height of the maxi- 
mum increases very slightly with increased baroclinicity, in 
contrast to the effect of stratification as shown in Table 1: 
baroclinicity increases the height of the maximum, whereas 
stratification decreases this height. The local minimum of Kn 
that occurs near the top of the boundary layer vanishes as the 
baroclinicity increases but recurs for the largest baroclinicity 
applied. Wipperman and Yordanov [1972] point out that be- 
cause the momentum flux is a decreasing function of zn near 
the surface, if the downward momentum flux at the top of the 
boundary layer implied by the baroclinicity is greater than the 
surface value, at least one minimum must occur. This implies 
that a minimum in Kn also must occur in their mixing length 
model, since their length scale is essentially constant near the 
top of the boundary layer. However, Russell and Takle 
[1985a] observed a minimum in the Kn profile near the top 
of the collapsing barotropic boundary layer during the eve- 
ning transition, so a minimum level of baroclinicity should be 
viewed as a sufficient but not necessary condition for a mini- 
mum to occur in the K profile. The absence of the minimum 
for curve 5 in Figure 10 suggests that the minimum baroclini- 
city for the Wipperman and Yordanov condition is greater 
than ;t• =-10. Observations reported by Mix [1983] do 
show minima in K profiles, which the author attributes in part 
to the existing (and measured) baroclinic conditions. 
In Figure 11 we have plotted the x and y components of 
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Fig. 8. Height of the boundary layer in the atmosphere, Hx, as a 
function of the geostrophic wind Uax for the barotropic and baroclin- 
ic (Axe, = - 5, Axy = - 5, 22• = 0, A2• = 0) cases at different/•. 
normalized (by u.• 2) shear stress as a function of dimension- 
less height. The magnitude of the shear stress is increased by 
baroclinicity, the largest effect occurring between Zn• values of 
0.1 and 1.0 (note change of scale for Zn• > 1). From this figure 
it is evident that an increase in baroclinicity causes the point 
of vanishing shear stress to move higher, thereby increasing 
the boundary layer height in agreement with the results shown 
in Table 2. The model calculations of shear stress for the 
barotropic ase agree qualitatively with those obtained by 
Deardorff [1972] and Yeh [1973]. 
The divergence of the x component of the shear stress (and, 
by (1), the y component of the dimensionless wind) has signifi- 
cant dependence on both stability and baroclinicity, as is 
shown in Figure 12. The barotropic stress divergence increases 
markedly with increasing stability in the lower half of the 
boundary layer, but remains at zero above about ZnX = 0.65. 
Baroclinicity reduces the stress divergence (i.e., produces a 
more constant flux in the "constant flux" layer) for stable and 
neutral surface layers but creates a stress increase with dis- 
tance from the surface for the unstable surface layer. In this 
situation, a maximum in the shear stress occurs near the 
ß Leipzig , ?. Barotropic ? 
o Scilly Island ,? 
xlx =-1.9; Xly ------4.9 
1.50 
. o 
i I i iiii i i i illl i 
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0.05 
0'%-4 10-3 10-2 5.10-2 
Knl 
Fig. 10. Vertical profiles of the dimensionless turbulent exchange 
coefficients in the barotropic and different baroclinic cases: curve 1, 
;t•, = 0, ;!.• = 0, 22• , = 0, ;!.2• = 0 (barotropic)' curve 2, 2• = -5, 
;,•y =0, ;{,2x = 0, A2y--0; curve 3, A•=-5, A•--5, A2x=0, 
22y = 0; curve 4, A•, = -10, A• = -10, A2• = 0, A2• = 0; curve 5, 
2•x = -10, ;!.•y = 0, ;!.2• = 0, ;!.2y = 0. The solid and open circles are 
Leipzig and Scilly Island data, respectively. 
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Fig. ] ]. Vertical distributions o• the components of dim•,sionl•ss 
shear stress in the atmosphere at p = 0 and • = 5• in the barotropic 
and di•cr•nt baroclinic ases: curve ], 2t, =0, 2t,=0, 2• =0, 
2z• = 0 (barotropic); curve 2, 2t• = -5, 2]• = 0, 2z• = 0, 2z• = 0; 
curve 3, 2t• = -5, At, = -5, 2z• = 0, 2z, = 0; curve 4, 2t• = -]0, 
).t, = - ]0, 2z• = 0, 2z, = 0. 
middle of the boundary layer, and the stress decreases much 
more slowly with height above this point than for the other 
stability conditions. 
The divergence of the y component of shear stress (and, by 
(2), the x component of the dimensionless wind), shown in 
Figure 13, is much less dependent on baroclinicity except 
under unstable conditions (as expected), for which the model 
produces a result, as it did for the x component, that departs 
significantly from those for the stable and neutral surface 
layers. From Figures 12 and 13 we conclude that as expected 
0.001 
, i i 
.... '• x._ 
0 J'/ • Barotropic 
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Fig. 13. As in Figure 12, but for the y component. 
for the assumed constant thermal structure, surface heat flux 
has its largest effect at low levels in the boundary layer, 
whereas baroclinicity influences the entire boundary layer and 
produces stress gradients near the top where none exist in the 
barotropic boundary layer. 
The components of the turbulence kinetic energy for zero 
surface heat flux are shown in Figure 14, where N is shear 
production, B is buoyant production, D is dissipation, and F is 
diffusion. Baroclinicity has little effect on the shear production 
of turbulence near the surface where the near balance with 
dissipation exists as in the barotropic case. The very minor 
increase in shear production is primarily diffused away (very 
near the surface) or destroyed by negative buoyancy (above 
z, = 0.05). Above z, = 0.1, shear production and buoyant 
destruction essentially balance for both baroclinic and baro- 
tropic conditions, but both are nonzero to much higher levels 
under baroclinic conditions. 
Diffusion near the surface, although it is an order of mag- 
nitude less than dissipation, represents a loss of E to the atmo- 
spheric surface layer. This will be discussed further when the E 
budget for the ocean is considered. For barotropic conditions, 
diffusion in the atmosphere represents a loss everywhere 
except in the region of strong buoyant destruction ear z,• -- 
0.1. Baroclinic conditions increase the near-surface diffusion 
400 losses and the losses above z,• --0.2. Evidently, the increased 
,ar camed )y the baro( 6.0 
5.0 Barotropic 103 
Baroclinic •N 
3.0 •--•• 101t 
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-3.0•' •.jJ 
-4.0 b --'/'•'-"'"'•' - 103 
Fig. 14. Dimensionless E budget for the atmosphere including 
Fig. 12. Vertical profiles of the x component of dimensionless hear production N, dissipation D,buoyant destruction B,and diffu- 
wind in the atmospheric boundary layer in the barotropic and baro- sion F in the barotropic and baroclinic (,•,, -- -10, ,•y = -10, 
clinic (2•,, = - 10, ).•y = - 10, '•2,, = 0, '•2y = 0) cases atvarious It. 22, , = 0, '•2y = 0) cases at zero surface heat flux. 
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Fig. 15. Distribution of the dimensionless turbulent kinetic 
energy E,• in the atmosphere in the barotropic and baroclinic (2z,, = 
- 10, 21•, = -- 10, 22x = 0, 22•, = 0) cases at various •.
buoyant destruction for 0.2 < z,• < 1.0, so diffusion acts to 
redistribute the excess E generated. 
Figure 15 shows the distribution of total turbulent kinetic 
energy in the atmosphere for three different surface heat fluxes 
and both barotropic and baroclinic conditions as a function of 
dimensionless height. Surface heat flux has its largest effect in 
the lower half of the boundary layer, where increasing the 
surface heat flux (decreasing #) leads to an increase in the 
turbulent kinetic energy and causes the maximum to move 
away from the surface under unstable conditions. Baroclinicity 
has much less effect except in the upper part of the boundary 
layer and under unstable conditions, as expected. 
3.2. Barotropic Atmosphere, 
Baroclinic Ocean 
We have examined the effects of ocean baroclinicity on 
various properties of the two boundary layers and their inter- 
face. In Figure 16 are shown various observations of the neu- 
tral drag coefficient as a function of wind speed at 10 m [after 
Geernaert et al., 1986]. The drag coefficient as determined by 
the present model is shown by curve 9 for barotropic con- 
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Fig. 16. Dependence of the published rag coefficients, C D, on the 
10-m windspeed, Uz0. Numbered curves are as follows: 1, Smith 
[1980]; 2, Large and Pond [1981]; 3, Donelan [1982]; 4, Garratt 
[1977]; 5, Sheppard et al. [1972]; 6, Smith and Banke [1975]; 7, 
Geernaert et al. [1986]; 8, our model for baroclinic case in the ocean 
(21., , = 0; 21y = 0, ;•2•, = -20, 22y = -20); 9, our model for barotro- 
pic case. 
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Fig. 17. Height of the boundary layer in the ocean, H 2, as a 
function of U,• in the barotropic and baroclinic (2• = 0' 2•, = 0, 
;•2:• = -5, ;-2,, = 0) cases in the ocean at various 
ditions and curve 8 for ocean baroclinicity of 22x-'- --20 and 
•2y = --20. The model results of C a is very close to the data 
of Gattart [1977] (curve 4) and of Smith and Banke [1975] 
(curve 6). The results of C o are also very close to the model 
results for Cz) of Brown [1986] and others [see Brown, 1986]. 
The effect of baroclinicity is to reduce the drag coefficient for a 
given wind speed to more of a consensus position with respect 
to the observations. This effect is dependent on the orientation 
of the baroclinicity. However, Ly [1986] has shown that the 
effect of surface waves can have a similar effect, so baroclini- 
city is not unique in bringing the computations more in line 
with the observations. 
In Figure 17 are shown the effects of atmospheric surface 
layer stability and ocean baroclinicity on the depth of the 
ocean boundary layer as a function of geostrophic wind. Insta- 
bility and baroclinicity both contribute to a deepening of the 
ocean boundary layer, both effects being more pronounced at 
higher geostrophic wind speeds. This result is similar to the 
atmospheric responses shown in Figure 8. 
The profiles of dimensionless turbulent exchange coefficient 
in the ocean for barotropic and two different baroclinic con- 
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Fig. 18. Vertical distribution of the dimensionless turbulent ex- 
change coefficient in the ocean at/z -- 0 and v = 500 in the barotropic 
and different baroclinic cases in the ocean: curve 1, 2x•, = 0, Z•_• -- 0, 
22., , = 0, 22•--0 (barotropic); curve 2, 2•.,, = 0, 2•y = 0, •2.• =--5, 
22•. = 0' curve 3, 2• = 0, 2•.• = 0, )•2.• = --5, •2y -- --5. 
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shear stress in the ocean at/• = 0 and v = 500 in the barotropic and 
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ditions are shown in Figure 18. K values are normalized by 
(ku.2)2/f,, and the ocean depth is normalized byku.2/f. Like 
that of the atmosphere (see Figure 10), the ocean boundary 
layer experiences an increase in the turbulent exchange coef- 
ficient under baroclinic conditions, except very near the sur- 
face. The ocean develops a local minimum at normalized 
depth of 1.0, almost twice as far from the boundary than did 
the atmosphere for a comparable baroclinicity of 2•,, = -5. 
When an additional baroclinicity of 2:y = -5 is added, the 
minimum disappears, and the boundary layer essentially dou- 
bles in depth. 
The x and y components of shear stress (normalized by 
u.: •) as a function of dimensionless ocean depth are shown in 
Figure 19 for the same baroclinicities as in Figure 18. The 
influences of ocean baroclinicity on vertical distributions of 
dimensionless shear stress in the ocean boundary layer are, 
similar to those computed for the atmosphere (see Figure 11), 
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Fig. 20. Vertical profiles of the x component of dimensionless 
drift current in the ocean in the barotropic and baroclinic (2xx = 0, 
2x• = 0, 2:•, = -5, 2:• = -5) cases in the ocean at various/•. 
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Fig. 21. As in Figure 20, but for the y component. 
except that the ocean structure apparently is more sensitive to 
baroclinicity, particularly the addition of ;•2y-- -5 as shown 
by curves labeled 3. Departures from the barotropic condition 
are largest in the deepest part of the ocean boundary layer, 
causing the boundary layer depth to increase with magnitude 
of baroclinicity as is suggested in Table 2. 
In Figures 20 and 21 are shown the vertical gradients of x 
and y momentum flux (y and x components of the dimension- 
less drift current), respectively, at various dimensionless depths 
(Zn2 -- z2f/(kU.2)) in the ocean for barotropic and ocean baro- 
clinic conditions and positive, negative, and zero surface heat 
flux. Baroclinicity has a larger effect than surface heat flux on 
momentum flux gradients. The x momentum flux gradient has 
a maximum that is displaced from the surface to a dimension- 
less depth of 0.1 under baroclinic conditions. The y momen- 
tum flux gradient is much less affected except beyond z. -- 1. 
These results parallel those for the atmosphere shown in Fig- 
ures 12 and 13. 
The ocean profiles of turbulence kinetic energy are shown in 
Figure 22. Surface heat flux is shown to have very little effect 
on the total turbulence kinetic energy, but baroclinicity dis- 
places the maximum turbulence kinetic energy away from the 
surface and creates turbulence to much greater depths when 
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Fig. 22. Vertical distributions of the dimensionless turbulent ki- 
netic energy for the ocean, En2 , in the barotropic and baroclinic 
(2xx - 0, 2• -- 0, 22• = - 10, 22• - - 10) cases in the ocean at differ- 
ent it. 
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Fig. 23. As in Figure 14, but for the ocean with baroclinicity (2x,, = 
0, 2xy = 0, 9•2,, = - 10, ;,2y = - 10) in the ocean. 
compared with the barotropic conditions. Examination of the 
component terms of the turbulence kinetic energy shows that 
buoyant suppression is markedly enhanced deep in the ocean 
boundary layer. 
The components of the dimensionless turbulent kinetic 
energy budget for the ocean boundary layer for barotropic 
and baroclinic conditions for zero heat flux are shown in 
Figure 23, where the curves are labeled as in Figure 14. As 
expected, baroclinicity has little effect on any of the compo- 
nents in the surface sublayer (Zn2 < 0.1) but a large effect in the 
deeper part of the ocean boundary layer. As was true for the 
atmosphere, the ocean turbulence kinetic energy at dimension- 
less depths of less than 0.1 is a near balance between shear 
production and dissipation for both baroclinic and barotropic 
conditions. Diffusion of E in the ocean is, in some respects, a 
mirror image of diffusion in the atmosphere. Diffusion repre- 
sents a gain of E everywhere in the ocean except in the region 
of strongest buoyant destruction near Zn2 = 0.1. Baroclinicity 
increases the turbulent kinetic energy gain from the atmo- 
sphere and nearly eliminates the loss region near Zn: = 0.1. 
Diffusion also has a much larger role beyond Zn: = 0.2, where 
it and shear production balance the buoyant destruction. For 
both boundary layers, the dominant components for dimen- 
sionless distances greater than 0.1 are shear production and 
buoyant destruction. However, dissipation and diffusion are 
nonzero to much greater depths for the baroclinic results in 
the ocean. The imbalance between the baroclinically induced 
shear production and the stratification-induced buoyant de- 
struction for Zn: > 1.0 gives rise to diffusion, which serves as a 
regulator of turbulence kinetic energy by transferring turbu- 
lence kinetic energy from regions of excess to regions of deficit. 
Comparison of Figure 23 with Figure 14 shows that near 
the surface, diffusion has a positive sign in the ocean, whereas 
in the atmosphere near the surface it is negative. This repre- 
sents the mechanism whereby turbulent kinetic energy is 
transferred from the atmosphere to the ocean. 
4. CONCLUSIONS 
In the present study, the baroclinic effects in the atmospher- 
ic and oceanic boundary layers, which are described by the 
horizontal gradients of air temperature in the atmosphere and 
seawater density in the ocean, are examined by incorporating 
these conditions into the equations of motion. A series of 
numerical experiments was conducted to determine the effects 
of different magnitudes and directions of baroclinicity and of 
atmospheric stratification on the turbulent and dynamic struc- 
ture of the interacting atmospheric and oceanic boundary 
layers. 
The results of the simulations show that baroclinicity has a 
strong influence on the turbulent, dynamic structure and on 
some of the air-sea interaction parameters. A comparison of 
the effects of baroclinicity and surface stability showed that 
when the dynamical forcing is strong compared with the ther- 
mal forcing, surface quantities (u.•, drag coefficient, and geo- 
strophic drag coefficient) are affected more by surface heat flux 
than by baroclinicity, whereas the opposite is true for charac- 
teristics of the whole boundary layer such as boundary-layer 
height and angle between the geostrophic wind and surface 
wind. 
Certain levels of baroclinicity produce double maxima in 
the K profiles in the atmosphere and ocean, and K increases 
substantially everywhere except very near the interface. Baro- 
clinic effects change the main components of the turbulence 
kinetic energy in both boundary layers from shear production 
and dissipation for z, < 0.1 (about 20% of the height/depth of 
the boundary layer at zero surface heat flux) to shear pro- 
duction and buoyant destruction for z, > 0.1. The results 
show that the most significant effect of baroclinicity in the 
atmosphere and ocean is the increase in turbulent and dynam- 
ic characteristics (K, turbulence kinetic energy budget, shear 
stress, dimensionless wind, and current) in the parts of the 
boundary layers far from the interface. For these turbulent 
and dynamical characteristics of the atmosphere and ocean, 
atmospheric stratification has its largest effect at low levels in 
the boundary layers, whereas baroclinicity influences the 
entire depth of both boundary layers. 
The numerical results of the model agree well with the few 
observations that are available and with the accepted under- 
standing of the influences of baroclinicity in the atmosphere 
and the ocean on the interacting air-sea boundary layers. 
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